A model of convective and advective transport across the tropical tropopause is described. In this model overshooting convective turrets inject dehydrated tropospheric air into a tropical "tropopause layer" (TTL) bounded approximately by the 50 and 150 hPa surfaces, a layer similar to the "entrainment zone" at the top of the planetary boundary layer. The overshooting process occurs only in limited regions. In the TTL, mixtures of overshooting and ambient air undergo buoyancy-driven settling, then slowly loft through the TTL and eventually enter the main stratosphere throughout the tropics. We find that for reasonable parameter settings the combined action of convection, isentropic mixing, and advection by the large-scale circulation in the model can produce realistic water vapor and ozone profiles while balancing the energy budget. Some of the observed peculiarities that can be simulated are: i) the widespread absence of vapor saturation at the tropopause despite tropical mean upward motion; ii) an ozone minimum below the mean tropopause, and iii) the typical location of stratiform cloud tops below the mean tropopause. In contrast to inferences from typical "cold trap" models, the relative humidity of air crossing the tropopause is found to be sensitive to ice microphysics.
Introduction
It has long been known that air enters the stratosphere at low latitudes, where net upward motion occurs (Brewer, 1949; Dobson, 1956) . Further details of this entry have been much debated, particularly regarding water vapor, but they are generally believed to involve the same mechanisms that maintain the tropopause itself-local convection and mid-latitude wave driving . Entry details are important because the ambient vapor content of the stratosphere is largely determined by that of the incoming air (since total hydrogen is approximately conserved within the stratosphere), and because stratospheric water vapor plays an important role in the stratospheric radiative balance and in stratospheric ozone chemistry (Forster and Shine, 1999; Kirk-Davidoff et al., 1999) .
Air at the tropical tropopause ( 100 hPa) is extremely cold, so at equilibrium with condensed phases it does not contain much water vapor. From this standpoint, the tropical tropopause is often described as a "cold trap" that dries air to the local saturation vapor pressure as it crosses into the stratosphere. This notion is supported by the rough agreement between the observed entry mixing ratio and the saturation value at tropopause-each a few ppmv (see Dessler, 1998) . Further support comes from the recent observation that seasonal variations of the two quantities are coherent (Mote et al., 1996) . One puzzle, however, is that ambient stratospheric vapor has been increasing over the last two decades Hofmann, 1995, Oltmans, pers. comm., 1999) while temperatures near the tropical tropopause appear to have declined slightly (Simmons et al., 1999) .
There are other observed anomalies that are not clearly explained by the simple cold trap model. First, extensive cloud shields would be expected to prevail anywhere that a cold trap was operating, but recent lidar images of thin cirrus show only about 20% coverage distributed widely through the tropics (Winker and Trepte, 1998) . These clouds also occur at a variety of altitudes, and not generally right at the tropopause. The thick cirrus anvils commonly observed in satellite imagery are located well below the tropopause. Second, the observed climatological minimum in water vapor appears to be located above the temperature minimum (Potter and Holton, 1995) , although this is not certain. Third, observations (e.g., Gierens et al., 1999) and laboratory studies (Bertram et al., 2000) indicate that supersaturations with respect to ice of some 60% are expected during slow cooling of tropopause air, which implies a stratospheric entry moisture greater than that observed.
These anomalies have helped to motivate various proposals for stratospheric "dehydration" mechanisms, most operating above the tropopause. Several mechanisms were reviewed recently by Sherwood and Dessler (2000) , who used aircraft data to show that the most dehydrated air near the tropopause possesses characteristics suggestive of recent transfer from the planetary boundary layer. They argued in favor of a mechanism in which air is rapidly dehydrated while being mixed upward into a tropical "tropopause layer," entering the stratosphere much later after a period of slow lofting. This is consistent with the idea of dehydration in convective overshoots proposed by Danielsen (1982 Danielsen ( , 1993 , but places that idea in a broader context of strat-trop exchange.
Though the objection is often made that overshoots would be too few to make a serious contribution to stratospheric dehydration, a simple back-of-the envelope calculation refutes this. In situ data are consistent with heating rates of a few tenths of a Kelvin per day below the tropopause (Folkins et al., 1999) , which would require one to two months to elevate air from the typical detrainment height (150 hPa) to the tropopause. The tropically-averaged net upward convective mass flux in the tropics is of order 40 hPa/day (greater if convective downdrafts are excluded from the net total), of which most is balanced by radiatively-balanced descent in the Tropics. Thus the layer from 150-100 hPa could be completely replaced with tropospheric overshooting air by the time slow ascent transited the layer, if only 5% (or less) of mid-tropospheric updrafts mixed into it. Similar arguments hold for the lower stratosphere, with the required overshooting percentages decreasing rapidly with height. Thus, overshoots that are dry could easily dry the whole stratosphere.
Motivated by this possibility, here we explore the Sherwood and Dessler (2000) hypothesis quantitatively with a simple model. The model is framed in terms of mixing/entrainment processes occurring within a tropical tropopause layer or TTL, extending from 150 to roughly 50 hPa.
Laboratory studies of turbulent mixed layers capped by an inversion find that an "entrainment zone" of significant thickness develops at the top of the mixed layer (Deardorff et al., 1980) . Within the entrainment zone a downward flux of sensible heat occurs whose peak amplitude is roughly 0.15-0.25 times that of the upward sensible heat flux within the mixed layer. Deardorff et al. (1980) argued that the entrainment zone was a good analog to the upper cloud layer at the top of the planetary boundary layer ( 800 hPa), where downward heat fluxes and mixing line behavior also occur (Betts, 1982) . The entrainment zone's lower boundary was found to be determined by the point at which the buoyancy profile begins increasing with height, and its upper boundary by the highest level that the most energetic overshooting elements reach.
Here we have employed the same criteria in defining the boundaries of the TTL. We find that a model can be constructed that reproduces the observed features described earlier while also balancing the energy budget near the tropopause. Our overall model consists of a convective overshoot mixing scheme, described in Section 2, coupled to a large-scale process scheme, described in Section 3.
Physics of overshooting convection

a. Observations
Considerable observational support can be found for the existence of some amount of overshooting past the tropical tropopause. Frequent overshooting has been inferred from satellite data by Schmetz et al. (1997) , and cases of very cold overshoots beyond 20 km have been documented (Adler and Mack, 1986; Ebert and Holland, 1992; Simpson et al., 1998) . Earlier evidence of overshooting is collected in the World Meteorological Organization's 1985 ozone report (WMO, 1985, Chapter 5) . Strong evidence of rapid, irreversible mixing of tropospheric air into the lower stratosphere and concomitant dehydration was found near northern Australia in observations of total water and radon, a short-lived tracer (Kritz et al., 1993) . Danielsen (1993) argued based on these observations that overshooting turrets should be an important factor in accounting for stratospheric dryness.
Laboratory studies of overshooting fluid elements (i.e., negatively buoyant jets) confirm that the jets' momentum carries them beyond their level of neutral buoyancy into stable ambient fluid, where they mix, causing the lighter, stable fluid to be entrained into the heavier (or vice-versa for heavy jets such as salt plumes) (Baines, 1975; Cardoso and Woods, 1993; Shy and Briedenthal, 1991) 1 . The free-tropospheric analog to this process would be the entrainment of stratospheric air into the troposphere, a process that has been inferred previously from ozone measurements (e.g., Baray et al., 1999) . Mixtures between the ambient fluid and the jet are observed in the laboratory to move back toward the origin of the jet as a secondary buoyant plume that detrains at a neutrally buoyant level (Larson and Jönsson, 1995) . This secondary structure is categorized as a plume since its motion is driven primarily by buoyancy forces (though the role of nonhydrostatic pressure gradients may differ between the atmospheric and laboratory cases).
b. Theory
Such secondary plumes were explicitly considered in the atmospheric convective scheme of Emanuel (1991, hereafter E91) , so we adopt his formulation as the starting point for our discussion of overshoots. Following Raymond and Blyth (1986) and Telford (1975) , E91 treated convection as an ensemble of cloud-scale drafts or moving parcels undergoing episodic mixing, rather than the more common model of horizontally homogeneous, continuously entraining plumes. A major motivation was that with an additional mixing step, the draft formulation led to a natural treatment of convective downdrafts as secondary convective entities. Here, we are concerned with essentially the same phenomenon except involving cumuli that have overshot, which were not included in the E91 model. An updated scheme was recently introduced that includes overshooting (Emanuel and ZivkovicRothman, 1999) , but also includes a number of complexities beyond the scope of the present work.
E91 outlined a multi-step procedure for modeling convective effects in the troposphere. First, low-level parcels were lifted pseudoadiabatically to various levels at or below their level of neutral buoyancy (LNB, approximately the level at which the parcel and environmental ¡ or potential temperature values become equal). Second, each parcel was allowed to form mixtures with its surroundings. Third, these mixtures were sorted by their new (potential) buoyancies, typically (though not necessarily) resulting in a downdraft due to the gravitational loading and subsequent evaporative cooling of condensed water. This completed one iteration of the convective scheme.
The chief modification made here is that some parcels are assumed to overshoot their LNB, with mixing occurring at the higher levels, in accordance with laboratory results. The ascent is again assumed adiabatic, as suggested by observations (Adler and Mack, 1986) . The ensemble of resulting mixtures is then assumed to sort itself adiabatically by buoyancy to yield the final state, as in E91. Unlike tropospheric downdrafts, which can be driven rapidly toward the surface by evaporative cooling of water and ice, we will see that those formed in the TTL descend gently but detrain above the LNB.
This process is illustrated in Fig. 1 . An overshooting parcel mixes with the environment at some level in the TTL, with some fraction ¡ are approximately proportional. Thus, the mixture will be too cold (heavy) to remain at its formation level, and will descend. However, the mixtures will always have ¡ greater than the value at the LNB (i.e., the overshooting parcel value), so they will always detrain in the TTL. 
c. Interaction between convective and large-scale effects
Note that in this process, there is no net flux of mass in or out of the column being considered, only a vertical rearrangement. The difference between the initial and final profiles of any variable after convective adjustment is (from the point of view of the large-scale dynamics) just the convective "tendency." Employing customary notation for the heating and drying tendencies,
where and 5 are temperature and water vapor mixing ratio, and is proportional to the amount of overshooting convection per unit time (as yet unknown). Similar equations will be used later to calculate the convective tendencies of ice and ozone.
In most of the TTL, the convective heating § C is negative. Since the overshoot mixtures include environmental air, the secondary downward plumes carry more mass than the upward overshoots. This leads to a net downward mass flux between the mixing and detrainment levels, which will require a compensating upward displacement of the unmixed, environmental air (see Fig. 1c ), and consequently a lifting of the isentropic surfaces making those levels colder after buoyancy sorting is complete (negative § ). Eventually, however, the horizontal pressure gradients created between the column and neighboring regions will cause flow across the boundaries of the column, driving a sinking motion in this layer which advects the isentropes back downward. In equilibrium these lifting and settling processes approximately balance, i.e., § D balances advection (mainly downward) of high-¡ air and a small additional heating component due to radiation
where u is the vector wind velocity. This is exactly the opposite of what happens below the final detrainment level, where net upward convective mass flux drives transient descent and heating (positive § ) in the immediate environment, which subsequently radiates away in gravity waves, balancing overall radiative cooling.
Thus, the parcel mixing model of overshoots predicts a thermally direct, reverse Hadley-Walker circulation within the TTL. Such a circulation was indeed driven by overshooting jets in the laboratory experiments of Larson and Jönsson (1995) , and several observational studies (Gage et al., 1991; Sherwood, 2000; Simmons et al., 1999) suggest that something like this occurs in the tropical uppermost troposphere/lower stratosphere.
d. Model details
We now specify the details of a model to calculate convective effects quantitatively, based on E91 and using the same basic equations except as noted above and below. We ignore latent heating effects in the TTL since they are negligible there. The model will have a number of unknown parameters, for which we will specify "default" or best-guess values and later explore the sensitivity with alternate choices.
1) DYNAMICS
For any convective atmosphere, parcel theory dictates a maximum overshoot height: the level at which a parcel's potential energy is equal to the thermodynamic energy (convective available potential energy, or CAPE) in the sounding. We designate this level the LMO, or level of maximum overshoot. For typical tropical CAPE values of 1000-3000 J/kg, this level will lie near 60 hPa or so depending on the season, while the LNB typically lies near 150 hPa (Selkirk, 1993) . The LMO is not very sensitive to CAPE due to the rapidly increasing stability in the lower stratosphere (see below). We should caution that parcel theory is a considerable simplification. It was found to underestimate LMO in laboratory studies (Deardorff et al., 1980) , but on the other hand ignores many dynamical and dissipative effects that may reduce the height attainable in the atmosphere by real updrafts.
All overshoots must mix somewhere between their LNB and LMO. In reality, few overshoots can be expected to fully realize their CAPE with no losses. For simplicity, our default assumption is that this mixing level is uniformly distributed in pressure between these limits. This essentially constitutes our cumulus mass-flux closure assumption, analogous to the tropospheric closure assumptions necessary in climate model parameterizations which are typically based on large-scale mass or moisture fluxes. It is quite possible that in the real atmosphere, most of the mixing is closer to the LNB. Sensitivity tests presented later show that results can be sensitive to this distribution.
We further simplify the cumulus modeling problem by accepting a prescribed level of tropospheric convection and CAPE as boundary conditions, making no effort to model any tropical convection other than that which produces overshoots-thus neglecting the majority of convection. Mean CAPE values prior to oceanic deep convection are between 1200-1800 J/kg, depending on how CAPE is calculated (e.g., Sherwood and Wahrlich, 1999) . CAPE is more difficult to ascertain over land, due to its greater variability, but is probably often higher (values of over 4000 J/kg or higher are occasionally reported). It is well known that much stronger updrafts and greater amounts of lightning occur over continental convection, indicating that the amount of CAPE realized as kinetic energy is greater over land. Overshoots are likely to occur when CAPE is above average (with the LNB consequently being at a higher altitude than average). We choose a default CAPE value of 3000 J/kg and an LNB at 140 hPa. To make the convective tendencies smoother and more realistic, we add a stochastic perturbation to CAPE each time the convective scheme is called in long integrations. These perturbations are drawn from a normal distribution with zero mean and standard deviation
of 500 J/kg in the default case. It is also necessary to stipulate the ratio ¢ of cumulus air to environmental air in mixtures. Following E91, our default assumption is that at any given level , an ensemble of mixtures forms whose ratios ¢ are uniformly distributed between zero and one. The simulations turn out to be somewhat sensitive to this distribution. We also assume that and ¢ are independent, so their joint distribution¨ ¢ B 0 is just the product of their marginal distributions. Calculating the overall effect of convection then requires integration over the chosen joint distribution; to perform the integration we average results from each combination of ten and ten ¢ values at the centroids of the ten deciles of either marginal distribution.
2) ICE
Our treatment of ice water differs from that of E91, who took the fraction of ice falling as precipitation to be a fixed function of height © . This parameter was set to unity in the upper troposphere. We find that deviations from unity of order £ T ¤ can have a huge impact on the resulting water vapor distribution in the lower stratosphere. Thus we abandon this parametric form, instead stipulating that the amount of ice remaining in the overshoot (prior to mixing) be a constant multiple of its (saturated) vapor content. This assumption is difficult to justify except by noting that typical ice mixing ratios observed in cirrus by aircraft have tended to decrease with temperature at roughly the same rate as the ClausiusClapyron relation (Stephens et al., 1990) . At least our ice parameterization is a parametric reduction over ing , so we must explore a range of values and obtain the "default" value a posteriori. Exactly how microphysical mechanisms could remove all of the ice assumed not to remain in the parcel is a significant question that we do not explore at this time.
e. Convective cooling results
To see whether it is possible to satisfy (3) with reasonable assumptions, we compare the computed § C in the TTL to a profile inferred by Sherwood (2000) over the maritime continent (a presumed region of intense convection), by running the model using a climatological December-February temperature profile obtained from radiosondes from this region during the 1994-1998 period. Fig. 2 shows model § for three different values of CAPE. The results are sensitive to CAPE, as might be expected, but not greatly so since even parcels with below-average CAPE can overshoot to a respectable fraction of the height attainable by extremely energetic parcels. Sensitivity to other parameters is presented in the context of humidity predicted by the full model (section 3).
Alongside the predicted § is shown the net residual Eulerian heating by other processes,
, diagnosed by Sherwood (2000) for DJF. The residual heating at altitudes above 130 hPa or so is mainly due to calculated sinking against a stable lapse rate. The shape of the predicted § © profile is roughly a mirror image of the residual heating, but with some definite discrepancies. First, the latter extends much higher into the stratosphere than does the compensating § . The sinking profile is rather uncertain especially at these higher levels, however, and may be affected by unresolved semidiurnal and shorter-period tidal oscillations, whose potential effect cannot be quantified from the available data. It is also possible that other processes are redistributing heat vertically, such as breaking gravity waves, or that we are underestimating the height to which convective effects penetrate. In this study we will however assume that the true "drain" circulation vanishes above 60 hPa, and obtain our default value, © , by tuning it to balance the budget between 100 and 60 hPa.
Another discrepancy in Fig. 2 is the level where the heating changes sign: there is about a 1K net warming between 150 and 100 hPa if the tuned § D and residual curves are added. This is likely due to the neglect of infrared radiative cooling from cold cloud tops, since was calculated by inserting enough cloud cover below the TTL to achieve the observed mean outgoing longwave radiation (220 W m 2 ), but many cloud tops are actually within the lowermost TTL. A 150-200 W m 2 energy loss distributed through a 50 hPa layer with 3% areal coverage (the approximate frequency of occurrence of clouds with radiating temperatures in the 100-150 hPa range) yields roughly 1 K day , about equal to the energy surplus in this range. As noted by Sherwood (2000) , satellite observations do not suggest significant cloud-top cooling above 100 hPa.
From 200 hPa down through the troposphere we find that the predicted § D is too little by a factor of 4 to close that budget. This is expected since we have neglected nonovershooting convection. The size of the shortfall implies that something like 20% of all deep convection must overshoot the LNB in the model context. The convective eddy heat flux (found by integrating § downward in pressure from a boundary value of zero at the LMO) attains a peak downward value that is about 0.25 times the upward value in the troposphere (Sherwood, 2000) , similar to ratios observed in the upper planetary boundary layer and in laboratory layers (e.g., Deardorff et al., 1980) . Thus the tuned is consistent (at the factor-of-two level) with what we would expect by analogy with other convective boundary layers.
On the basis of the above discussion we conclude that convective cooling § D predicted by the model with default parameters is grossly consistent with that necessary to close the energy budget in the TTL and the lower stratosphere. Large uncertainties in E and the stratospheric circulation prevent a more definitive statement, and for lack of anything better we rely on the observation of Sherwood (2000) as representative of the general overshooting environment. Clearly this model evaluation must be regarded as provisional, and § depends on model parameters. Interestingly, at least one general circulation model produced similar cooling (Thuburn and Craig, 1997) , since the tropopause region became warm enough to trigger cooling in the convective relaxation scheme even though overshoots were not explicitly included in the model.
Large-scale model-description
We now couple the simple overshooting convective scheme to a model of the large-scale circulation. Given the temperature distribution, this model predicts the vertical profiles of water vapor, cloud ice, and ozone, horizontally averaged within two regions of the tropics. Either or the diabatic circulation u connecting the regions must be specified, with the other diagnosed from (3). The two-region strategy follows Pierrehumbert (1995) , except that here the regions are defined by presence or absence of overshooting deep convection which is confined to the "overshoot region." In the "capped region," any convection that occurs is assumed to be less intense and to have no effects above a "cap" at the base of the TTL there. Since only overshooting convection is treated here, our model effectively ignores any convection in the capped region. More observational work is necessary to determine which geographical regions are characterized by vigorous overshooting at various times of year; special conditions may be required, such as properly situated land masses (e.g. Simpson et al., 1993) . As in Section 2, for now we take Indonesia region conditions to be representative for our overshooting region, since intense convection and overshooting have been observed there. We try several relative areas for the two regions, with a default of 1:4 as explained in Section 3a. As before, other parameters are given default values and sensitivity studies performed.
The basic model equations at each level in the atmosphere, in addition to (3), are to be the convective sinks of ice and ozone, respectively (nonzero only for
£
) . The net sources of each constituent due to isentropic mixing processes between regions are denoted , "
, and 0
; is the rate of sublimation of ice; and , 0 are the chemical sources of water vapor and ozone. Some of these physical processes are illustrated in Fig. 3 .
As mentioned above, we do not predict temperature. We also simplify by calculating the radiative heating in (3) using nominal, observed concentrations of water vapor and ozone rather than the predicted values. This prevents errors in the predicted mixing ratios from feeding back into and/or u. Investigation of how such feedbacks might actually work in nature, and the prediction of and u together, are deferred to future work.
a. Circulation and energy balance
The expected motion field u = (7 Though the model fundamentally rests on (3) which relates the circulation to the heat sources, the latter are not known precisely. Thus, different approaches are possible for enforcing (3). First, one could diagnose u strictly from (3), given the convective model parameters and the amount of overshooting (note that in this study § and E are independent of the prognostic model variables). Second, one could impose some observed estimate of u and assume that any failure to satisfy (3) is due to errors in such as those described earlier. Here, to test robustness, we try both (a.k.a. "strict" and "empirical") approaches. Either way, is set as described in Section 2e, with different values employed in sensitivity tests. Fig. 4a shows the profiles of (subscripts again referring to region) under each approach. In the empirical approach, we specify 8 as a sinusoidal fit to the observation of Sherwood (2000) that goes to the stratospheric value at 60 hPa. The upward motion at mid-troposphere is 40 hPa day . In the capped region, 8 2 is kept the same as in the strict approach except for some vertical smoothing.
Several limitations of our simple model reappear strikingly in Fig. 4 . First, our two approaches yield large differences in 8 in the lower TTL, again probably due to the lack of TTL cloud-top cooling in E . We believe the empirical approach to be more accurate here, but test both. Second, in both approaches is positive (downward) below the 150 hPa level (Fig. 4b) , while in reality it is negative. This is because we have not included tropospheric heating due to non-overshooting clouds, causing is also used to compute horizontal constituent gradients, it cancels out of the budget equations). Positive 7 indicates flow from the overshoot to the capped region. In writing the continuity equation in the form (7) we assume that any mass convergence due to vertical gradients of 
b. Isentropic mixing
The model also includes down-gradient mixing along isentropes, given by
where © is any of the three material constituents in the model. The default value of the constant ¥ is 0.1 /day, which yields reasonable relative humidities in the capped-region troposphere ( 25%). Spline interpolation is used to convert from pressure to ¡ coordinates and back. Since isentropes within the TTL slope downward from the overshoot to the capped regions, air from the overshoot region will mix directly with air from somewhat lower altitudes in the capped region.
c. Ice processes
Ice is inserted into the TTL by convection as described previously. Ambient ice sublimates at the rate
A time constant & £ day produces reasonable cloud ice amount and serves here as the default value. Supersaturation is not allowed, nor can persistent clouds form other than the convective outflows; all accumulation of water vapor beyond the local saturation value is condensed and removed immediately as precipitation.
It will turn out that for modest values of the ice retention constant , saturation occurs only at and below the LNB. Thus clouds exist in model locations that are subsaturated. This is sensible since the model is intended to represent the entire tropics; model values correspond to means over large areas that include both saturated and unsaturated conditions. Alternate model runs that did allow supersaturation (not shown) produced dramatically greater ice content in the upper troposphere, but little difference in stratospheric vapor.
d. Other sources
Methane oxidation (and in-mixing of older, previously oxidized air from higher latitudes) acts as a source for water vapor, represented here as
This value is set to give the observed rate of moisture increase with height in the "tropical pipe" region above the TTL. Photochemical ozone production 0 comes exclusively from O 2 photolysis, and is included as a specified function of pressure after Dessler et al. (1996) . 
e. Boundary conditions and solution method
Temperatures in the model's overshooting region are specified as in Section 2, while temperatures in the capped region are set equal to the DJF mean from Natal, Brazil. These profiles have temperature minima of 189.6 K at 97 hPa and 193.9 K at 90 hPa, respectively. Overshooting parcels are assumed to carry 20 ppbv of ozone (a typical value in the boundary layer), while free-tropospheric ozone is fixed in the simulations at 30 ppbv.
The model is integrated for 21 days with a 1.5 h time step, then for 750 days at a 10 h time step (during which the tropospheric state is frozen for stability purposes), then finally for 35 days at a 1.5 h time step again. This efficiently allows the upper troposphere, TTL, and stratosphere to come to equilibrium, despite their significant differences in characteristic time scales. Each time step consists of the sequential application of convective adjustment, ice sublimation, mixing, and advection, according to (4)-(10).
Results
a. Water vapor
The equilibrium tropical-mean vapor profiles obtained from the five different circulation assumptions are shown in Fig. 5 . In each simulation the model parameters are identical, with the ice retention constant ¥ ¤ (more on below). The simulated profiles of water vapor in the lower stratosphere differ by at most ¦ 30% from the median. The troposphere however is much drier in the "strict" energy budget case, since the troposphere is subsiding in both regions-but this has almost no impact above the tropopause (compare the solid and dashed curves). The other tests show that stronger tropical-mean ascent inside the TTL carries somewhat more moisture into the stratosphere at fixed , but also that moisture levels increase more slowly with height within the tropical pipe (as expected) when ascent is faster there. Stratospheric vapor is highest when @ 8 grows more negative with depth in the TTL, but even a factor-of-three growth produces only a modest moisture increase. If temperature were interactive in the model then @ 8 could probably exert much greater influence on stratospheric moisture, but as it stands, the model is not particularly sensitive to @ 8 . The "strict" energy budget leads to saturated conditions just below the overshoot region tropopause with ¥ ¤ , while the "empirical" circulation produces subsaturated conditions all the way down to 150 hPa. Without cloud-top radiative cooling, the "strict" energy budget dictates strong tropicalmean ascent in the lower part of the TTL, which leads to saturation unless is reduced to one or less. The case with empirically determined vertical velocities (i.e., implied cloud-top cooling) produces a more uniform @ 8 and a subsaturated condition through the TTL. Thus cloud top cooling appears important in preventing widespread saturation near the tropopause, though not in model stratospheric dehydration. Fig. 6 shows the simulated profiles of water vapor and ice in each region from the empirical circulation run. Frostpoint hygrometer data from CEPEX are shown in Fig. 7 for comparison, divided into two categories representing areas near to, and those more distant from, intense deep convection. These observed profiles are based on far too few samples to be accepted as representative of the tropical means being simulated (for example, they are colder than average and show a sharper temperature minimum), but they give some idea of the character of the water vapor distribution as it varies longitudinally across the Pacific Ocean region.
The vapor budget for this run (Fig. 8) convection inserts dry air only into the overshoot region, this dryness is communicated rapidly enough to the remainder of the tropics by horizontal motions to prevent saturation in either region (at least on the average). As pointed out by Sherwood and Dessler (2000) , ascent time scales (e.g., the T T days required for the upward mass flux associated with the Brewer-Dobson circulation to transit the TTL) considerably exceed horizontal stirring time scales (e.g., the 42 days required for a parcel moving at 10 m/s to encircle the earth at the equator).
A second feature simulated by the model is a water vapor minimum that occurs above the tropopause. In our model air becomes drier as it ascends, due to the introduction of detrained convective mixtures. These mixtures tend to be drier at greater heights, since greater detrainment height implies (on average) greater overshoot height and therefore colder dehydration temperatures. However, total detrained mass decreases with height (to zero at the top of the TTL). Thus, mean moisture levels decrease with altitude, but only as long as enough detrainment of dry air occurs to exceed the stratospheric moisture source; the point at which these balance is the water vapor minimum. In nearly all simulations, this occurs just above the tropopause. The minimum is communicated to the capped region by horizontal mixing, but forms even higher there due to the upward advection and the delay in mixing of dry air between regions. The water vapor minimum (first dubbed the "hygropause" by Kley et al. (1979) , though his observation was apparently an artifact of the seasonal cycle) has been reported to occur 1-2 km above the tropopause on average in satellite limb retrievals (Potter and Holton, 1995; Rind et al., 1993) . Unfortunately this gap FIG. 8 . Equilibrium moisture budget in the a) overshoot and b) capped regions. Solid line indicates the total source due to convection (short dashed), ice sublimation (long dashed), and horizontal mixing between the regions (dot-dashed). This total is equal to the net sink by large-scale advection.
is equal to or less than the nominal instrument resolution and is thus not firmly convincing. It is not known for sure at this time whether there is a persistent gap between the annual-mean hygropause and tropopause.
The "entry" mixing ratio simulated here for the DJF season, around 2.5 ppmv, agrees roughly with the value for this season from satellite observations. It is substantially lower than the tropical-mean saturation value at any level. This may appear to contradict Dessler (1998) . The discrepancy arises because Dessler (1998) averaged the instantaneous saturation mixing ratio minima in individual profiles which, owing to the substantial fluctuations in tropopause height, gives a much lower value than averaging temperature on pressure surfaces as we have done here. Thus, height-dependent temperature fluctuations of one kind or another (of which overshoots are one candidate source) make a big difference in reconciling the observed temperature and moisture profiles.
b. Ice
Though treatment of ice is very crude in the model, it is interesting to note that accumulation of ice occurs predominantly below the tropopause in the model, peaking at 150 hPa (see Fig. 6 ). This also matches observations, which show most cloud tops to be warmer than the mean tropopause (e.g., Highwood and Hoskins, 1998) . This observation is often used to argue against convection even reaching, let alone overshooting, the tropopause-but we see here that it entirely consistent with convective mixing through the TTL. On the other hand, the model simulates non-zero ice concentrations all the way up to the maximum heights reached by convection, though very small compared to those in the troposphere and too little to appear in Fig. 6 . Ice has been reported at heights of up to 50 hPa from spectroscopic instruments mounted on the space shuttle (Rinsland et al., 1998) , consistent with the model. Subvisible cirrus clouds are ubiquitous in the tropics, generally occurring within a couple of kilometers or so of the tropopause, and are sometimes thought to play a role in stratospheric dehydration (Jensen et al., 1996; Winker and Trepte, 1998) . However, they contain very low ice mixing ratios. Thus, our model simulations are consistent with the existence of these clouds, though in the model they play no role in stratospheric dehydration or entry but are simply a by-product of convection. These clouds may however contribute to the radiative heating and constitute an additional uncertainty in E .
c. Ozone
Finally, we show the simulated ozone distribution (again from the empirical circulation) in Fig. 9 , together with some relevant examples of ozone sonde data. Ozone is highly variable in the troposphere and stratosphere, where significant sources can exist due to biomass burning and advection from mid-latitudes, respectively, neither of which is included in the model-so the absolute magnitudes of the ozone should not be interpreted too strictly. Also, as before, the model has no tropospheric convection other than that which overshoots. The ozone value used in the troposphere is lower than that measured at most land-based stations, due to tropospheric sources.
Nonetheless, some interesting features appear from the simulation. An ozone minimum (sometimes called the "chemopause") is simulated and observed below the tropopause, close to the LNB at 150 hPa. Many investigators of ozone distributions have noted that the increase of ozone toward stratospheric values begins as low as 200 hPa; this has led to the concept of a mixing barrier below the tropopause (Folkins et al., 1999) . Here we see that the observed ozone behavior is indeed consistent with TTL vertical mixing which, while much less than that in the bulk of the FIG. 9 . Simulated (heavy, no symbols) and observed (light, symbols) ozone profiles. Solid (dashed) lines with diamonds (crosses) indicate overshoot (capped) region. Observations representative of overshoot and capped regions are taken from Java, Indonesia, and Natal, Brazil, respectively, each during DJF 1998-9 (data obtained from A. Thompson) troposphere, is nonetheless dynamically and hydrologically significant.
The horizontal gradient of ozone in the TTL is also simulated with the correct sign, though the simulated gradient is weaker. The magnitude of the observed gradient is sensitive to the choice of stations. Until we have a better idea of how to identify the "overshoot region" with a real portion of the globe, it will be difficult to get more quantitative. However, the simulated gradients of water and ozone are consistent in sign with those observed and with the observations reported by Sherwood and Dessler (2000) .
d. Sensitivity to model parameters
The only interesting features of the simulations that showed sensitivity to model parameters were the "hygropause" location and the mixing ratio entering the stratosphere, so we will show model sensitivity in terms of these features. We have performed three rounds of parametric sensitivity tests, documented in Fig. 10-Fig. 12 , and finally tried a different season. In the first round of tests we varied the large-scale parameters . Since these parameters do affect § , we also enforced changes in u that would restore balance in (3) with constant E . In some cases this led to unreasonable ). Each parameter is changed to a lower and higher value than the default; values are listed in Table 1 .Ï ndicates the simulated overall mean entry value of water vapor, © the difference in minimum mixing ratio between the two regions, and the pressure at which the minimum occurs in tropical mean vapor. In these tests The results were more sensitive to the convective scheme (Fig. 11) . Reducing CAPE to 2000 J/kg increased entry moisture by more than 50% (the sensitivity was less with tests, not shown, performed at constant u rather than constant ). Raising CAPE beyond 3000 J/kg did not have much additional effect though. Entry . The second of these (large-¢ ) distribution produced heavier and smaller descending plumes, which were less effective at net drying. The small-¢ distribution, with mixtures of mostly ambient air, differed relatively little from the default.
The most important variable proved to be the height at which mixing occurs. We tested a distribution of that peaks at the LNB and decreases linearly to zero at the LMO, and conversely an extreme distribution with all mixing at the LMO. The latter caused entry moisture to plummet to less than 1 ppmv (and the peak descent in the overshoot region to increase by a factor of 5!). The other alternative-that most mixing is near the bottom of the TTL-moistened and saturated the tropopause, although reducing to 2 with this distribution was enough to restore sub-saturation. Strangely, both alternate distributions¨ 0 lowered the hygropause. The reason for this asymmetric behavior appears to be that both alternative distributions of were less broad than the default, causing the convective effects and "drain" circulation to become vertically narrower. Both also caused tropicalmean sinking to be diagnosed from (3) in part of the TTL, which is not reasonable. To be energetically reasonable, any drastic change in¨ 0 would have to be accompanied by less overshooting.
The third test, exploring the role of (Fig. 12) , shows that 5 increases in direct proportion to total convective water detrainment (
P £
) until the curve begins to tail off as saturation sets in at the tropopause for § ©
, initiating water losses due to large-scale condensation. Setting ¥ ¤ yielded a DJF entry mixing ratio of 2.5 ppmv, reasonably lower than the annual mean value of approximately 3.8 ppmv (Dessler and Kim, 1999) given the seasonal cycle in tropopause temperature. The "hygropause" height is somewhat sensitive to , but levels off at 80 hPa once is greater than 2 or so. This may be understood in light of the explanation for the hygropause given earlier, since with greater the difference in moisture content between higher and lower-detraining mixtures will also be greater, delaying (to a higher altitude) the point at which the drying effect of the former falls below the stratospheric chemical source. Since was set to achieve a desirable entry value of water vapor, this achievement in no way validates the model; however, Fig. 12 and the other figures show that the "elevated hygropause" simulated by the model is a robust result independent of tuning, provided that convective mixing can occur at a wide range of heights.
In a final test, we repeated the calculation with JJA temperature profiles taken from the same regions, with no other changes (tropopause about 5 K warmer than DJF in the overshoot region). This increased the simulated moisture minimum by 55%. However, also decreased near the tropopause; if a compensating change were made in § by reducing , , or CAPE, this would further raise entry moisture for this season.
To summarize the sensitivity test results, vertical mixing details appear to be important. Some convective events must significantly overshoot the tropopause, with CAPE greater than 2000 J/kg, and must have a good chance of mixing with equal or larger quantities of ambient air, in order to get significant dehydration of the tropopause region with reevaporation of ice. Weak overshoots or those that mix little with the environment will lead to much less dehydration, although subsaturation of the tropopause can still be achieved if reevaporation of ice ( ) is reduced. On the other hand, the sensitivity of the results to the convective scheme is mirrored by sensitivity of § , so to the extent that the latter is known from the residual heat budget, the sensitive parameters can also be relatively well constrained. Also, cloud ice concentrations peaked near 140 hPa in every simulation (not shown), and the hygropause always occurred above the mean tropopause unless substantial changes were made in the distribution of overshoot mixing height.
Discussion
We find that if overshooting and mixing prevail, mixtures of dehydrated air may be expected to form both above and below the tropopause that are drier than the ambient air at the level of detrainment. This causes the mean moisture profile to continue to decrease with height above 14 km, even without large-scale condensation. If the overshooting is sufficiently vigorous, the moisture turnaround or hygropause will occur above the mean tropopause, and does so in our "default" case. The subsaturation of most of the global tropopause is due to efficient horizontal mixing of this dry air by comparison with slow vertical motion. Thus local comparisons between tropopause properties and moisture are not likely to be meaningful.
Interestingly, observations of the trade-wind boundary layer also show unexpected moisture minima, or so-called "q-reversals," above the local inversion (Betts and Albrecht, 1987; Kloesel and Albrecht, 1989) . We should point out that the buoyancy-sorting mechanism proposed by those authors to explain the q-reversal is essentially the same as the mechanism simulated by our model to produce the "hygropause." Unfortunately, current observations in the TTL are as yet too scanty to determine whether similar features are common there or have the same explanation.
We find that in order to achieve roughly correct entry mixing ratios into the stratosphere, we must assume that a substantial fraction of the water substance coming out of overshoots (with default parameters, 80%) is in ice form. Without this ice, the simulated stratosphere was too dry. This could be because we have omitted other dehydration processes, or misrepresented convection. However, there is recent evidence from isotopic measurements suggesting that indeed most stratospheric water vapor has evaporated not from the ocean surface but from lofted hydrometeors at temperatures matching those in the upper troposphere (Moyer et al., 1996) . This evidence virtually requires some form of ascent-descent-reascent mechanism prior to overworld entry (Keith, 2000) , of which ours is one example, though not necessarily the only possibility. Note that in-situ condensation and re-evaporation of ice at the same level would not account for the observed isotopic signal.
If the re-evaporation of lofted ice does indeed make such a large contribution to stratospheric moisture, this is quite important since it potentially decouples stratospheric vapor from tropopause temperatures, if microphysical mechanisms can change over time. This could account for the opposite signs between observed trends in stratospheric vapor and tropopause temperatures. A better understanding of microphysics in overshooting convection, and possibly changes in aerosols or other constituents of microphysical importance, would then be essential to understand or predict stratospheric climate change.
Conclusion
A model is presented in this paper, based on a "tropopause layer" or TTL mixed by overshooting deep convection and undergoing large-scale transports. This model can, with reasonable parameter values, account for several interesting features of the tropical water vapor, ozone, and ice distributions. These features are,
¥
The prevalence of sub-saturated conditions (on average) in the TTL, especially far from convection,despite mean tropical upwelling; ¥ A mean stratospheric entry water vapor mixing ratio lower than the minimum in the tropical mean saturation profile with respect to ice ("stratospheric dehydration");
Horizontal variations of water vapor and ozone in the TTL, each of which appears to be lower near energetic convection;
The presence of an ozone minimum ("chemopause") below the tropopause, with gradually increasing ozone above this; ¥ A narrow maximum in thick cirrus near 140 hPa, well below the tropopause; and ¥ Isotopic evidence that stratospheric vapor sublimated from lofted ice.
The model also produces a water-vapor minimum just above the mean tropopause, although observational evidence for this is uncertain. The last four items in the list were reproduced regardless of model parameter settings. Though the amount of vapor entering the stratosphere was sensitive to several model parameters, some re-evaporation of ice was necessary to produce realistic entry moisture regardless of how other parameters were set (though very extreme settings were not tried). Saturation and large-scale condensation occurred near and below the tropopause in a few variations of the model. We find in general that sufficiently energetic overshoots (CAPE of at least 2000-3000 J/kg) that mix well with surrounding air over a broad range of heights would be essential to produce all of the above characteristics without help from any other dehydration processes, though weaker overshooting would still have the potential to contribute partially to stratospheric dehydration. Entry moisture increased with increasing tropopause temperature, though the exact sensitivity would depend on the accompanying convective changes.
Our definition of the TTL is directly analogous to the "entrainment zone" observed in laboratory boundary layers (Deardorff et al., 1980) . The TTL, extending from roughly 150 hPa (the level of neutral buoyancy of the most buoyant tropospheric air, LNB) to 50 hPa (the absolute highest possible overshooting height) is mixed in the model by overshoots, but only weakly. Our calculations show that it is possible in principle for such a mixing/drying process to produce the features listed above without producing an unrealistically well-mixed TTL or depressing climatological ozone at the tropopause to tropospheric values. Further, most cloud ice in the model is detrained not in the lower stratosphere but in the upper troposphere, as observed. Thus, these calculations show that objections to the possible role of overshooting based on observed ozone distributions, lapse rates, or cloudtop height distributions are unfounded.
A key part of the physics here, apparently not recognized by Danielsen (1993) , is the positive density anomalies of the irreversible overshoot mixtures. This should lead to cooling and large-scale sinking in the locale of vigorous overshoots (the "stratospheric drain"), with radiatively-balanced lofting elsewhere. We connect this circulation quantitatively with convective physics via the energy budget. The advective cooling caused by the upward mass flux associated with the Brewer-Dobson circulation appears much too small, by itself, to balance the radiative heating in the TTL or thereby account for the coolness of the tropopause. It could also be possible-contrary to our treatment-that ascent is much stronger within the TTL than above it, that the observation of Sherwood (2000) is inaccurate or unrepresentative, and that real overshooting is less important than in our model. Better knowledge of the details of vertical velocity and overturning in the TTL are central to identifying the role of convection.
In our model, the question of how air "enters" the stratosphere (e.g., whether by overshooting or by lofting) is poorly posed when framed in terms of a traditional tropopause, since air rises by overshooting and lofting. Nor is the tropopause a fundamental agent of drying. Instead, the relevant concept is the TTL, whose boundaries are defined not by state variable values but by the entrainment process itself. Observations show the TTL to share tropospheric and stratospheric properties. In our model, air enters this layer (and is dehydrated) by convective overshooting and irreversible mixing, then slowly rises through the top of the layer by radiatively balanced lofting. Some of this air will interact further with convection before escaping the TTL, making this layer a mixing layer, consistent with the linear property changes observed by Folkins et al. (1999) . The air is not truly stratospheric until it has passed safely out of reach of all convection.
With the parameter settings tested here, substantial ice retention in overshoot mixtures was required to keep the simulated lower stratosphere from being too dry. Recent isotopic vapor measurements also indicate the importance of lofted-ice re-evaporation. These findings would imply that convective microphysics plays a strong role in determining stratospheric vapor amounts. Variations or trends in atmospheric constituents that control microphysics or overshoot height could then cause stratospheric water vapor to vary independently of tropopause temperatures, which would not be anticipated from the more common "cold-trap" models of the tropopause. This important possibility demands additional study.
